Abstract. During the VOCALS Regional Experiment, the DOE G-1 aircraft was used to sample a varying aerosol environment pertinent to properties of stratocumulus clouds over a longitude band extending 800 km west from the Chilean coast at Arica. Trace gas and aerosol measurements are presented as a function of longitude, altitude, and dew point in this study. Spatial distributions are consistent with an upper atmospheric source for O 3 and South American coastal sources for marine boundary layer (MBL) CO and aerosol, most of which is acidic sulfate. Pollutant layers in the free troposphere (FT) can be a result of emissions to the north in Peru or long range transport from the west. At a given altitude in the FT (up to 3 km), dew point varies by 40 • C with dry air descending from the upper atmospheric and moist air having a boundary layer (BL) contribution. Ascent of BL air to a cold high altitude results in the condensation and precipitation removal of all but a few percent of BL water along with aerosol that served as CCN. Thus, aerosol volume decreases with dew point in the FT. Aerosol size spectra have a bimodal structure in the MBL and an intermediate diameter unimodal distribution in the FT. Comparing cloud droplet number concentration (CDNC) and pre-cloud aerosol (D p >100 nm) gives a linear relation up to a number concentration of ∼150 cm −3 , followed by a less than proportional increase in CDNC at higher aerosol number concentration. A number balance between below cloud aerosol and cloud droplets indicates that ∼25 % of aerosol with D p >100 nm are interstitial (not activated). A direct comparison of precloud and in-cloud aerosol yields a higher estimate. Artifacts in the measurement of interstitial aerosol due to droplet shatter and evaporation are discussed. Within each of 102 constant altitude cloud transects, CDNC and interstitial aerosol were anti-correlated. An examination of one cloud as a case study shows that the interstitial aerosol appears to have a background, upon which is superimposed a high frequency signal that contains the anti-correlation. The anti-correlation is a possible source of information on particle activation or evaporation.
Introduction
Satellite observations of cloud droplet effective radius indicate a gradient off the shore of Northern Chile. According to MODIS retrievals from the Aqua satellite for the month of October, average cloud droplet radius over the Pacific Ocean increased from 8 to 14 µm from the coast to 1000 km offshore (Wood et al., 2007) . This gradient is plausibly attributed to anthropogenic SO 2 from point sources in Chile and Peru, subsequently oxidizded to aerosol sulfate.
Anthropogenic perturbations to marine stratocumulus clouds was one motivation for the VAMOS OceanCloud-Climate-Atmosphere-Land Regional Experiment (VOCALS-REx or VOCALS, for short), an overview of which is provided by Wood et al. (2011) . The US DOE G-1 aircraft participated in the international collaboration described by Wood et al. Aboard the G-1 were instruments for in-situ measurements of cloud microphysics, aerosol concentration, size distribution, and composition, gasses useful as air mass tracers, and navigational and meteorological parameters. The sampling region of the G-1 extended from Arica, Chile, 800 km west to 78 • W mainly within a restricted latitude band between Arica at 18.35 • S and 20 • S. Allen et al. (2011) have summarized meteorological conditions and the chemical composition of the boundary layer and free troposphere within one degree of 20 • S between the coast of Chile and 85 • W, relying on aircraft measurements from the United Kingdom BAe 146, NSF C130, and DOE G-1, supplemented by surface observations from the research vessel Ronald H. Brown. Allen et al. (2011) provide multiple comparisons between platforms which, in general, reveals a high degree of consistency. Bretherton et al. (2010) , relying principally on the C130, and BAe146 long range aircraft, provide a comprehensive synthesis of marine boundary layer and free troposphere structure, clouds, and precipitation along the 20 • S corridor. Further information on the marine boundary layer and aerosol source attribution is given in Rahn and Garreaud (2010) and Chand et al. (2010) , respectively. In this study we provide a more complete treatment of aerosol and trace gas measurements from the DOE G-1 with emphasis on the longitudinal and vertical distribution of aerosol concentration and size distribution. Summary information is provided on aerosol composition derived from Aerosol Mass Spectrometer (AMS) and Particle into Liquid Sampler (PILS) measurements, the primary description of which will be contained in an article by Lee et al. (2011) .
Data are presented for the entire field campaign, segregated into subsets according to longitude, altitude, dew point temperature (T d ), or whether measurements are below, in, or above cloud. We find that dew point is a better indicator of air mass type and origin than altitude and thus trends of trace gasses or aerosol as a function of dew point often show less scatter than the same trends considered as a function of altitude.
The concentration and size distribution of interstitial aerosol are described. These are particles observed in-cloud that either never grew into cloud droplets (i.e., were not activated) or having been activated return to being aerosol particles after cloud droplet evaporation. Properties of interstitial aerosol depend on many variables such as aerosol size and composition, cloud updraft velocity, and entrainment of dry air. Interstitial aerosols have been observed at mountain top sites (e.g. Hallberg et al., 1994; Martinsson et al., 1999; Henning et al., 2002; Mertes et al., 2005) and from aircraft (e.g. Leaitch, 1986 Gillani et al., 1995; Wang et al., 2009) . Results range from nearly complete activation of the accumulation mode to a low fractional activation leaving larger interstitial aerosol particles than expected from an adiabatic cloud droplet activation model (Hallberg et al., 1994; Mertes et al., 2005) . Discrepancies could be due to external mixtures, the type and quantity of organic aerosol constituents, or entrainment. A simplifying feature of the VOCALS observations is that bulk measurements of aerosol composition indicate a relatively uniform composition of easily activated particles. Incloud sampling of aerosol is, however, problematic. Two artifacts are discussed. Cloud droplet shatter is observed to create high concentrations of small particles (∼50 nm), with a size distribution extending into the accumulation mode range. The shatter contribution to total in-cloud aerosol becomes minor at ∼D p >100-150 nm. Adiabatic heating in the G-1 aerosol inlet has the potential to evaporate cloud droplets creating aerosol. A number-balance based comparison of pre-cloud aerosol with CDNC yields an estimate that ∼25 % of pre-cloud aerosol with D p >100 nm is interstitial. An estimate of the interstitial aerosol based on in-cloud measurements, and therefore susceptible to artifact, is larger.
A more robust use of the in-cloud aerosol measurements is in examining the anti-correlation between aerosol interstitial concentration and CDNC. One hundred and two cloud transects were defined and an anti-correlation observed in each. One transect was selected as a case study and used to further illustrate aerosol and cloud droplet variability. A time series and high pass filter showed that the anti-correlation was carried in spikes and dips in aerosol concentration and LWC on a time scale of seconds or less, such as would be produced by an evaporating cloud droplet leaving behind an aerosol particle.
Experimental
Aerosol properties are reported at ambient temperature and pressure. Local daylight savings times equal to UTC -3 are used in this study. Data are archived at http://iop.archive.arm. gov/arm-iop/0special-data/ASP Campaigns past/. (Sign in and follow menu to 2008VOCALS.), which uses UTC time.
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Instruments
Aerosol and cloud instruments used in this study are listed in Table 1 . The G-1 had its usual navigational and meteorological package for measuring position, winds, temperature, and dew point (chilled mirror hygrometer) http://www.pnl. gov/atmospheric/programs/raf.stm. CO and O 3 were used as air mass tracers. CO was determined by VUV resonance fluorescence (Resonance Ltd., Barrie, ON, Canada). Ozone was measured by a modified UV absorption detector (Model 49-100, Thermo Electron Corporation, Franklin, MA). SO 2 measurements from a modified pulsed fluorescence detector (Model 43S, Thermo Electron Corporation, Franklin, MA) were typically below a 200 ppt limit of detection. Further information on gas phase instruments used in VOCALS can be found in Springston et al. (2005) and Kleinman et al. (2007) .
A forward facing two-stage diffuser aerosol inlet system supplied ambient air for aerosol instruments located inside the cabin of the G-1 (Brechtel, 2003) . Slowing down air from the G-1 speed of 100 m s −1 to a few m s −1 results in 5 • C adiabatic heating. Droplet evaporation rates were calculated from the coupled heat and mass transfer equations in McGraw and Liu (2006) , (R. McGraw, personal communication, 2011) . Most droplets evaporate within one second. Less clear is the transit time of a cloud droplet through the inlet and plumbing inside the aircraft before impaction occurs. Our estimate is that these times scales are competitive. If evaporation occurs before impaction, aerosols so generated would mistakenly be classified as interstitial. Smaller cloud droplets may evaporate in the outside-cabin PCASP due to active and passive heating applied over a residence time estimated to be 0.1-0.3 s (Strapp et al., 1992) .
Aerosol composition
Aerosol composition was measured via an AMS and PILS and acidity determined by NH + 4 to SO 2− 4 ratio and conductivity as described by Lee et al. (2011) . They found that nonrefractory, sub-micron size aerosol in the marine boundary layer had an average composition between (NH 4 )HSO 4 and H 2 SO 4 with a 10-15 % admixture of organics. Acidic aerosol with this composition contains significant water even at low relative humidity (RH) . Based on the E-AIM website, http://www.aim.env.uea.ac.uk/aim/aim.php, (Clegg et al., 1998) a solution consisting of 30 molal each NH 4 HSO 4 and H 2 SO 4 is calculated to be in equilibrium at the ∼15 % RH used for particle size measurements. The density of this solution is 1.56 g cm −3 at 298.15 K, insensitive to temperature (Clegg and Wexler, 2011) . If an insoluble organic component with density 1.2 g cm −3 comprises 10 % of the aerosol mass, then the volume growth factor at 15 % RH (calculated as the sum of the volumes of the solution and organic component divided by the sums of the volumes of the solutes and the organic component), is equal to 1.29, and the radial growth factor is 1.09.
Aerosol size distributions
Size distributions of aerosol particles in the Aitken and accumulation mode were quantified with one minute time resolution using an SMPS (scanning mobility particle sizer) consisting of a cylindrical differential mobility analyzer (DMA) and a condensation particle counter. It is assumed that particles are spherical so that mobility and geometric diameters are equal. Data were analyzed using the inversion algorithms described by Collins et al. (2002) . A Nafion dryer upwind of the DMA reduced RH to 14 % (1σ = 2 %). In reporting "dry" size distributions in this article, water of hydration at 14 % RH is not taken into account. Reported particle diameters are thus approximately 9 % larger than in the dry state. In the case where there are few particles below the 15 nm lower limit of detection of the SMPS, the total number of particles in the size range 15-440 nm should be a good approximation for CN. Comparisons between the CPC3010 (D p >10 nm) and the SMPS generally show agreement within 10 % for sampling periods without appreciable concentrations of small particles.
Two Passive Cavity Aerosol Spectrometer (PCASP) units with SPP-200 electronics upgrade were used to measure aerosol with nominal diameter between 0.1 and 3 µm. One PCASP was mounted on a pylon on the nose of the aircraft and the other located inside the cabin. In the data archive the two PCASPs are identified as units A and B. Midway through the program these units were switched, so that from the start of the program through 28 October, unit A was outside and unit B inside. From 29 October till the end of the VOCALS campaign, unit B was outside and unit A inside. The relative humidity of air sampled by both PCASPs was decreased by the use of deicing heaters which yields an increase in temperature, reported to be 10 to 20 • C (Strapp et al., 1992; Hallar et al., 2006; Snider and Petters, 2008) . Cabin heat also contributed to the drying of aerosol measured inside the aircraft.
PCASPs were calibrated with PSL particles with a refractive index (RI) of 1.59. For the data archive, a Mie scattering code was used to generate data at RI = 1.55, a value slightly more representative of continental aerosol. For this study, a second Mie scattering calculation was used to adjust size bins to an RI of H 2 SO 4 (1.41). This is close to the volume weighted refractive index determined from nonrefractory components of sub micrometer size aerosol measured by the AMS (RI = 1.46). Addition of retained water (RI = 1.33) results in a lower refractive index, close to 1.41.
Comparisons were made between aerosol volume determined by the SMPS and the two PCASPs. In order to match size ranges, volumes are calculated for D p between 0.11 and 0.44 µm. A linear regression of PCASP A volume vs. SMPS volume had a slope of 0.84 and r 2 = 0.91; for PCASP B the slope and r 2 were 0.98 and 0.93, respectively. Agreement is well within the 30 % uncertainty limits typically cited for PCASP and SMPS volume measurements. Volumes
L. I. Kleinman et al.: Aerosol concentration and size distribution
determined by PCASP A and B vary by only a few percent according to which unit is inside or outside of the aircraft.
PCASP and SMPS number distributions differed, primarily due to a low detection efficiency of small particles in the PCASP (D p <160 nm), which was confirmed only recently in a post-flight calibration of PCASP A. PCASP size distributions were adjusted to match those from the SMPS. A set of global adjustment factors to be applied to all PCASP data were determined by performing a linear regression between the SMPS and PCASP A and PCASP B for 15 size bins. All non-cloud data were used for these regressions. To test the normalization procedure, plots were made of PCASP vs. SMPS number concentration integrated over the overlap size range 110-440 nm (not shown). A least squares regression yields slopes of 0.95 and 0.96 for PCASP A and B vs. SMPS, respectively, both with an r 2 of 0.85. By construction slopes should be close to unity. Scatter in the number comparisons is a measure of how well a single set of adjustment factors works in the differing environments encountered over 16 flights. Normalization resulted in an increase of total particle concentration by 41 % and 18 % from PCASP A and PCASP B, respectively.
By adjusting the PCASP data, we are relying on the SMPS as providing an intrinsically more accurate size distribution. The adjustment procedure allows for the determination of number concentrations and size distributions with 1s time resolution using PCASP data which on average agrees with the SMPS. Fast response aerosol number concentrations will prove useful in examining the anti-correlation between cloud droplets and interstitial aerosol.
Cloud microphysics
Cloud droplet number concentration (CDNC) was determined via a Cloud and Aerosol Spectrometer (CAS) probe manufactured by Droplet Measurement Technologies (DMT). Results were integrated over a diameter range between 2.5 and 50 µm. Cloud liquid water content (LWC) was measured with a Particle Volume Monitor (PVM, Gerber et al., 1994) and checked against a hot wire detector. Drizzle concentration was determined from a DMT Cloud Imaging Probe (CIP) which together with the CAS and hot wire detector are packaged together as a Cloud, Aerosol, and Precipitation Spectrometer (CAPS), mounted on a pylon off the nose of the G-1. Data has been archived at 0.1, 1, and 10 Hz, and is available on request at 40 and in some cases 200 Hz. Figure 1 shows the 3-D sampling region of the G-1 during 16 of 17 research flights. An electrical failure on 18 Oct. limited data collection and that flight is not used in this study. Instrument status and flight times are tabulated in spreadsheet format on the same ftp site as the data. Flight duration was ap- Flight objectives were to determine the horizontal and vertical variability of cloud and aerosol properties. The range of the G-1 allowed for sampling between Arica at 70.3 • W out over the Pacific to 78 • W, an E-W distance of 800 km. Vertical sampling was primarily done via multiple transects at different altitudes or ascents and descents through clouds, and less often by porposing between cloud and above-cloud regions.
Flights
A typical flight track designed to sample longitudinal variations in cloud and aerosol properties is shown in Fig. 2 . Because clouds thinned and sometimes disappeared due primarily to solar heating as the day progressed, the out bound leg was usually devoted to cloud sampling and the inbound leg to sampling in the boundary layer below cloud height. In order to examine interstitial aerosol, 102 constant altitude transects were identified in which the maximum liquid water content (LWC) was at least 0.1 g m −3 . Often there were multiple transects in a single cloud separated by a step change in altitude of order tens of m or greater. For many transects clouds were broken or occupied only a portion of the transect. One cloud on Flight 081028a (Fig. 2) is singled out as a case study to illustrate the anti-correlation between cloud droplet number concentration and interstitial aerosol found in all 102 cloud transects.
As indicated in Fig. 3 , aerosol number concentration measured by SMPS was nearly the same on outbound and inbound legs, even though below-cloud measurements at a particular longitude could be separated by 500 m in altitude and more than 3 h in time (compare with pre-cloud aerosol can be represented by low altitude samples collected at the same longitude. In addition, because horizontal gradients in composition are small, we allow air within 15 km of a cloud to be called pre-cloud. These approximations lead to scatter in relations between cloud and pre-cloud properties.
There were 3 intercomparison flights between the G-1 and C130, BAe-146 and Twin Otter that yielded data on LWC and CDNC (from a CDP or CAS probe). Results are summarized in Table 2 . Intercomparisons were conducted with a several minute time separation between aircraft. Small differences in location, especially altitude, had a large influence on LWC. More significant are differences in CDNC where the G-1 values have to be reduced by 10, 17 and 38 % to match the C130, TO, and BAe146, respectively. Although the comparison with the BAe146 is based on a short sample through broken clouds, a particle balance between below cloud and in-cloud is consistent with the G-1 CDNC being approximately 20 % too high -of the same order as published estimates of measurement uncertainty (Fountoukis et al., 2007) . This factor also agrees with inter-platform differences in CDNC vs. longitude (not shown).
Results
Source regions for aerosol and trace gases have been analyzed by Allen et al. (2011) and Bretherton et al. (2010) by means of back trajectories calculated for marine boundary layer (MBL) at 950 hPa and free troposphere (FT) at 850 hPa starting from 20 • S at distances from the shore varying from 70.5 • W to 90 • W. Much of this work is pertinent to the longitudinal and vertical pollutant distribution measured by the G-1. Allen et al. (2011) and Bretherton et al. (2010) found that pollutants in the near coastal MBL could be explained by low altitude winds from the S and SE that intersected the Chilean coast. Trajectories terminating further offshore where pollution levels are lower tend to remain off shore, missing coastal emission sources. FT back trajectories were more diverse. In one population, descending air from the direction of Australia and South Asia carried pollutants to the VOCALS region. Another category of FT trajectory prevalent between the coast and 75 • W were northerlies from Peruvian coastal regions. A contribution to the FT consisting of return coastal flow from the MBL is hypothesized by Allen et al. (2011) based on instances with high humidity and low O 3 .
Spatial distributions
Data have been segregated into marine boundary layer, precloud, in-cloud, and free tropospheric subsets, as defined in Table 3 . Except when used in a general sense, the term "MBL" refers to non-cloud air below 800 m altitude. The particular definition of MBL can be recognized as it refers to, e.g. a region in which an average concentration or size distribution has been calculated. Below-cloud is that part of the data within the MBL (used as a general term) that is defined as being below clouds that were encountered on ascents and descents. Pre-cloud air is an approximation to the air actually ingested into a cloud. Because there are only a few instances of flight transects within cloud followed or preceded by a flight segment within ∼100 m of cloud base, several approximations are used in defining pre-cloud air, as given in Table 3 and described in Sect. 2.2. Clouds were located primarily between 800 and 1200 m altitude with cloud base and inversion height increasing with distance from the shore (Rahn and Garreaud, 2010; Bretherton et al., 2010) . Figure 4 shows frequency distributions of sub-micrometer aerosol number and volume concentration and CO and O 3 mixing ratio as a function of longitude for the below cloud layer. Aerosol number concentration and volume decrease 2.3 and 3.6-fold, respectively between 70 • and 75 • W, the difference between number and volume appearing in the aerosol size distributions, presented below. There is a monotonic decrease in CO between 70 • and 75 • W totaling 10 ppb, while O 3 increases by 9 ppb and continues to increase west of 75 • to the limit of our sampling at 78 • W. In contrast, CO and aerosol number and volume do not have a significant zonal 
n/a n/a n/a >22 LWC (g m −3 ) <0.01 <0.01 >0.02, LWC avg >0.05 <0.01
1 Condition applies to each 1s time period within averaging time, except for LWC avg which is an average value over a 1 minute SMPS scan.
gradient west of 75 • . Median concentrations in the free troposphere are also given in Fig. 4 . Concentrations are highest near the coast except for O 3 . Relative to the marine boundary layer, CO and especially O 3 have a greater concentration in the free troposphere. Particle volume decreases severalfold with altitude but number concentration decreases only marginally, a result consistent with size distributions shown in a following section. The broad covariance between MBL and FT aerosol and trace gases suggest coupling between these atmospheric layers.
Even though the sampling region of the G-1 was primarily north of the 20 • S corridor reported on by Allen et al. (2011) , there is excellent agreement in longitudinal structure in the MBL and FT for the 3 quantities that can be directly compared: O 3 , CO, and CN (10 nm lower limit from CPC 3010 on BAe146, 15 nm from SMPS on G-1). SO 2 concentrations were below our detection limit of ∼0.2 ppb except for a few near coast measurements, not surprising in a cloud covered MBL where there is opportunity for aqueous phase reaction with H 2 O 2 . With a more sensitive instrument, report mean SO 2 concentrations of 20-30 ppt, with higher values near the coast and concentrations approaching 1/2 ppb in a few discrete layers at 2-3 km altitude. The general picture based on longitudinally dependent SO 2 and aerosol sulfate measurements is that even near the shore, within the MBL, air masses had a high sulfate to SO 2 molar ratio indicating that with respect to sulfur theses air masses were aged.
Frequency distributions as a function of altitude have been constructed by dividing the data set into altitude bins as shown in Fig. 5 . Data points in and out of clouds are included for CO and O 3 , but points with LWC >0.01 g m −3 are excluded for aerosol number and volume. Because samples are not uniformly distributed in longitude or altitude, there are biases in constructing these vertical profiles. As can be seen from Fig. 1 , high altitude points are primarily east of 74 • . Also, according to Fig. 5f , data points between 400-800 m are closer to the shore than those in the lower altitude bin (100-400 m) thereby accounting for aerosol volume increasing with altitude in the two low altitude bins (Fig. 5b) . The vertical structure shown in Fig. 4 , in general, appears more pronounced than that shown in Fig. 5 . This is partly an artifact caused by sampling inhomogeneities mentioned above. There is also a real difference in the data sets as the FT data in Fig. 4 incorporates the requirement that potential temperature, θ, exceed 22 • C, a constraint that insures separation between below and above cloud aerosol size spectra. Figure 5e shows that in each of the three above cloud altitude bins, dew point varies by about 40 • C, indicating that at a given altitude in the FT air masses with very different histories are being sampled. As dew point is controlled by the maximum altitude to which an air parcel is lifted, lower dew points indicate air masses that subsided from the middle or upper troposphere, whilst higher dew points indicate air masses that have a boundary layer origin. The association between dew point and air mass origin prompts us to examine aerosol and trace gas concentration as a function of dew point in Fig. 6 . A qualitative correspondence between layers defined according to dew point and those defined according to altitude is that the below-cloud part of the MBL corresponds to the two bins with highest dew point (> 10 • C), the cloud layer has dew point between 6 and 10 • C, and the three For water soluble substances with a surface source, the decrease in temperature and specific humidity with altitude is an effective cold trap preventing upward transport and leading to a qualitative proportionality between accumulation mode aerosol and water vapor (Kleinman and Daum, 1991) . Aerosol volume decreases with dew point, in this case by a factor of 6, due to precipitation removal of particles large enough to act as CCN whilst insoluble substances such as CO and O 3 are not affected. Particle number concentration does not decrease to the same extent because most of the particles in dry air are too small to act as CCN. Trends in the number concentration of larger particles, say D p >0.1 µm, more nearly follow aerosol volume.
Ozone is seen to increase in drier air as expected for a gas with an upper atmospheric source. Also contributing to the O 3 gradient is surface deposition and photochemical destruction by O 3 + hν→O ( 1 D); O( 1 D) + H 2 O →2 OH, which proceeds more rapidly in moist air near the surface (Ayers et al., 1992) . Given a long enough residence time, near surface O 3 concentrations can approach zero as seen by Kley et al. (1996) in the remote Pacific. Although photochemical destruction of O 3 in the MBL is expected, concentrations in the limited geographic area covered by the G-1 increase with distance from the coast. The VOCALS region, unlike the remote Pacific, is characterized by strong subsidence and it is likely that the source of O 3 in the MBL towards the west is subsidence from the FT. Indeed, O 3 from the FT is used as an inert tracer to quantify cloud top entrainment (e.g. Faloona et al., 2005) . Aerosol particles will be entrained as a component of FT O 3 containing air. Although large particles in the FT are fewer than in the MBL (Sect. 3.2, following), they can, as shown by Clarke et al. (1996 Clarke et al. ( , 1997 , provide CCN to replace those lost by drizzle -a process of particular importance in the drizzled out Pocket of Open Cell (POC) regions further west than the G-1 sampled .
In the MBL, CO is anti-correlated with O 3 consistent with the oppositely directed east-west trends shown in Figs. 4c and d. Emission sources are located on land which lends some logic to CO concentrations being highest near the shore but does not address the near-shore O 3 which not only is low but is also anticorrelated with CO. CO-O 3 anticorrelations of the type observed in winter by Parrish et al. (1998) do not seem relevant in the low NO x VOCALS region. Allen et al. (2011) suggest the possible effects of fresh emissions but also note that a transport process may be responsible. An explanation for the low near-shore O 3 may have to await process analysis of chemical transport model results (Yang et al., 2011) .
The anti-correlation between CO and O 3 disappears at the 0 to −20 • C dew point level and in the driest air is replaced with a significant positive correlation due to long range transport of pollution plumes. An extreme example occurred on Flight 081025a and is identified on Fig. 7 . The polluted layer was at 74.5 • W between 2300 and 2500 m altitude. Dew point at −40 • C was among the driest observed. Insoluble pollutants, CO and O 3 averaged 115 and 83 ppb, the highest levels observed during the campaign. Aerosol number and volume were several-fold less than at lower altitude but were the highest values observed in such dry air. Ten day back trajectories generated from the HYSPLIT model (Draxler and Rolph, 2010) descend from high altitude (>7000 m) over the Pacific but are inconclusive regarding the origin of this air mass. As CO definitely has a boundary layer source, these descending air parcels maintain a chemical record of a prior boundary layer residence.
In order not to distort statistical relations by a single high concentration plume, correlations for data with dew point between −20 and −40 • C have been calculated with and without data from 25 October. With the 25 October plume, a reduced major axis least squares regression yields a CO to O 3 ratio of 1.0 with an r 2 of 0.68. Removing the 25 October data yields a CO to O 3 ratio of 1.2 with an r 2 of 0.41. Both values indicate very efficient O 3 production and/or loss of O 3 in transport as compared with surface observations that have a CO/O 3 ratio a factor of 3 lower (Parrish et al., 1998) . The 25 Oct. plume shows up in the concentrations of aerosol sulfate and even more in organic aerosol (Fig. 7) . A linear regression between organic aerosol and CO gives a ratio of 7.2 µg m −3 per ppm CO (r 2 = 0.56). A similar ratio of 6.9 µg m −3 per ppm CO is obtained without data from 25 October. These values are an order of magnitude lower than found in polluted boundary layer air masses after about one day of photochemical processing (Kleinman et al., 2008) , indicating precipitation removal of aerosol.
In addition to the CO plumes observed in the driest air there are observations of high CO (>80 ppb) concentration, located over a range of altitudes with dew points between 0 and 6 • C (i.e. in the bin just above the cloud layer). CO in these cases is anti-correlated with O 3 . HYSPLIT back trajectories intercept or come close to the Peruvian coast in agreement with wind measurements presented by Bretherton et al. (2010) and Rahn and Garreaud (2010) . Bretherton et al. (2010) note that heating of the Andean slope mixes moisture into a layer that becomes the lower free troposphere when advected over the Pacific. High concentrations of CO in the moist above cloud layer are further evidence of the upward mixing of continental boundary layer air. The next driest bin in Fig. 6 also has data points with high CO. Here the anti-correlation between CO and O 3 has changed into a lack of correlation.
Concentrations of aerosol sulfate and organics both decrease with altitude or dew point (Fig. 7) . There is a selective reduction in aerosol sulfate in dry air which could reflect a greater solubility in cloud droplets and propensity for wet removal, relative to organics, and/or a different mixture of sources affecting boundary layer and free tropospheric air. Whereas the organic to sulfate ratio is ∼0.1 in the marine boundary layer it increases to above 0.5 in the driest air and is greater than 1 in the plume encountered on 25 October. Absorption measurements were examined for information on light absorbing carbon aerosol. Except for isolated plumes and areas near land, aerosol absorption was too low to reliably quantify with a median value of 0.6 Mm −1 in the boundary layer and 0.4 Mm −1 above.
Aerosol size distribution
Aerosol size distributions measured with the SMPS are shown as a function of longitude in Fig. 8 for the below cloud layer and free troposphere. Below cloud aerosol has a characteristic two mode structure separated by a minimum. As described by Hoppel et al. (1986) this minimum is the result of a selective activation of larger aerosol particles in the cloud forming process. Aqueous phase chemistry, principally the oxidation of SO 2 to sulfate adds solute mass. Upon cloud evaporation, larger aerosol particles that had been activated create an accumulation-size mode (sometimes called a droplet mode) that is distinct from the smaller aerosol particles that have not increased in mass by aqueous phase chemistry. Composition measurements reported by show that sub micron size aerosol is primarily partially neutralized H 2 SO 4 , consistent with a formation route by aqueous phase oxidation of SO 2 . It would be expected that the droplet mode contains a higher ratio of sulfate to or- ganics than the Aitken mode. This, however, could not be tested using AMS size distributions because the volume of the Aitken mode was too small to quantify. With increasing distance from the shore, Fig. 8 shows that the droplet mode contains an increasing fraction of the total aerosol. At the same time, the droplet mode becomes narrower with a decreasing proportion of larger particle (D p >300 nm). The droplet mode size is nearly invariant (D p = 160-185 nm) but the Hoppel minimum diameter and the Aitken mode size move to lower values. A possible mechanism for the movement of the Hoppel minimum diameter and Aitken mode to a smaller size is that aerosol concentrations are lower further from the coast, which in the presence of a fixed vertical velocity results in smaller particles being activated. In contrast, free tropospheric aerosol is predominately unimodal with a mode size between that for Aitken and accumulation modes observed in the MBL.
Size distributions of aerosol particles as functions of dew point are shown in Fig. 9 . Particles in the boundary/cloudy layer with T d >6 • C are seen to have a bimodal distribution characteristic of cloud processing. Layers with dew point between −20 and 6 • C have on average a broad size distribution centered at 80-100 nm. Most often, the individual size distributions are close to unimodal but when compared with a single log normal fit, have tails at large and small diameter. Though the apparent widths in the dry subsets shown in Fig. 9 are in part due to averaging over samples with different mode diameters between ∼40 and 110 nm, the individual distributions are wide with a median geometric standard deviation of 1.81 At the lowest dew points there are an increasing number of samples with an additional smaller, nucleation mode, not fully resolved by the SMPS. As a consequence, the average aerosol size becomes smaller.
First indirect effect
In Fig. 10 , pre-cloud aerosol (Table 3) with D p >100 nm are compared with CDNC. As discussed below, 100 nm is a representative critical diameter for activation given composition, size spectra, and updraft velocity. Cloud droplet concentrations have been multiplied by 0.8 which brings the G-1 measurements into better agreement with the intercomparison data given in Table 2 . An increase in CDNC with aerosol as shown in Fig. 10 is a necessary condition for the first indirect effect but as others have noted it is more difficult to make an association with an increase in cloud albedo (Twohy et al., 2005 and references therein). It can be seen that additional aerosol results in a less than proportionate increase in cloud droplets, a result that has been observed by other groups (e.g., Leaitch et al., 1986; Ramanathan, 2001; Twohy et al., 2005 ).
An alternate explanation for the less than proportionate increase in cloud droplets has been offered by Lance (2011) based on a careful analysis of CDP (Cloud Droplet Probe) and CAS probes showing a high incidence of "extended" coincidence errors at CDNC as low as 200 cm −3 (Lance et al., 2010) . As the CDP and CAS probes are widely used to provide cloud droplet data pertinent to many cloud microphysics problems, systematic errors must be taken seriously. In the context of the present study, simulations of coincidence errors (Fig. 13 of Lance et al., 2010) showed that undercounting at CDNC > 200 cm −3 , caused a departure from a lin- Fig. 10 . Cloud droplet number concentration (CDNC) in blue and total in-cloud particle concentration (CDNC + measured interstitial aerosol) in green as a function of pre-cloud aerosol. CDNC has been multiplied by 0.8. Aerosol concentration, measured with an SMPS, is the sum of particles with D p >100 nm. Each data point is ∼one minute of in-cloud data and an average of several minutes of pre-cloud aerosol data. Broken clouds are eliminated. Equation of red line is CDNC = −463 + 276 Log 10 (N PRE−CLOUD ). On the black 1 to 1 line, the total number concentration of in-cloud particles (aerosol + cloud droplets) is equal to the number concentration of pre-cloud aerosol. Blue data points above the black line are due to activation of aerosol smaller than 100 nm, imprecision in indentifying pre-cloud air, or measurement inaccuracies. Green symbols denoted as "Total in-cloud" are the sum of coincident measurements of CDNC plus interstitial aerosol with D p >100 nm. An illustration of N INT by the number balance and direct observation method is given by the lengths of the blue and green arrows, respectively. The blue arrow starts at a blue point with specified CDNC and ends on the 1 to 1 line. The green arrow starts at another blue point with specified CDNC and ends on the corresponding green Total in-cloud point.
ear response that appears similar to the VOCALS data in our Fig. 10 . The same simulations showed positive errors in volume mean diameter and, for D p <20 µm, positive errors in LWC (Figs. 12 and 15, respectively) . Field observations in warm clouds were in agreement with simulations, indicating that LWC derived from the CDP was approximately a factor of two higher than that determined from a hot wire detector at a CDNC of 600 cm −3 (Fig. 7) . It is only the disagreement in LWC that we have the measurements to address. Data presented in Kleinman et al. (2011) have been rearranged to show the fractional bias in liquid water concentration as a function of CDNC. From a least squares regression, the fractional bias for the CAS relative to LWC from the hot wire and Gerber probes is −3.7 % and −5.4 %, respectively, at CDNC = 600 cm −3 . These results do not rule out errors in the G-1 measurements of CAS droplet size and number, but the nearly exact cancellation in the calculation of LWC seems improbable. With diagnostics limited to LWC, we have no explanation for the difference between the G-1 results and those presented by Lance et al., (2010) and Lance (2011) except to note the comment in the later reference concerning changes to the CAS probe. 
In-cloud aerosol
Aerosol particles that are measured coincident with cloud liquid water at 1s time resolution will be called interstitial. For the purpose of defining an interstitial number concentration, N INT , the minimum diameter is 110 nm for PCASP measurements (lower limit of detection) or 100 nm for the SMPS, as in Fig. 10. 
Measurement artifacts
Cloud droplet shatter contributes to N INT . In-cloud SMPS size spectra show extremely high concentrations of small particles, i.e. 10 3 to more than 10 4 particles cm −3 smaller than 50 nm diameter. Similar concentrations of small particles in-cloud have been previously observed and attributed to droplet shatter (e.g., Hudson and Frisbie, 1991; Clarke et al., 1997; Weber et al., 1998) . Given extremely high concentrations of small particles, the much less numerous accumulation mode aerosol do not stand out. Rather, they appear as a shoulder or sometimes a bump in the size distribution that is quantifiable as a separate mode by fitting the distribution to a sum of log normals. A single example from a Case Study presented below is given in Fig. 11 . In this case, a small percentage of in-cloud particles large enough to be detected by the PCASP are part of a tail on the shatter distribution. A majority of larger particles appear to be part of a mode that is distinct from the shatter size distribution. According to the log normal fits for all of the incloud data with LWC>0.1 g m −3 , the average shatter contribution to aerosol with D p >100 nm and 150 nm is 19 % and 10 %, respectively (calculated as summed shatter divided by summed accumulation mode, with summation over all SMPS scans satisfying cloud criteria). Excluding the shatter, the inside-cabin PCASP shows a mode with a geometric mean diameter of 140 nm, which is smaller than the mean diameter of the accumulation mode in the MBL (Fig. 8a) . Although, the log normal fits are suggestive, there is no a priori reason why cloud droplet shatter should have this functional form, which contributes uncertainty to the quantitative apportionment of larger particles between droplet shatter and interstitial aerosol.
Cloud droplet evaporation caused by heating in the PCASP or aerosol inlet can contribute to aerosol detected incloud. Complete or partial evaporation is possible. As shown in Fig. 12 , the signature of partial evaporation is a population of large aerosol particles with D p extending from ∼350 nm to 3 µm . These larger particles without a modal structure are only observed with the outside mounted PCASP and are in contrast to the almost complete absence of particle larger than 600 nm observed in clear air. Bringing air into the cabin of the G-1 yields a 5 • C temperature increase which is calculated to evaporate most cloud droplets within one second (R. McGraw, personal communication, 2011) , a time scale competitive with aerosol impaction on a bend in the sampling line. Complete evaporation of cloud droplets is a large potential source of interstitial aerosol. However, a comparison of the in-cabin PCASP and SMPS with the nose mounted PCASP shows a similar size distribution aside from the larger particles noted above. Some degree of similarity might be expected as both PCASPs have sites where droplets can impact and shatter and both have adiabatic heating along with active heating from a de-icer (Strapp et al., 1992) . With increasing LWC or with increasing cloud droplet size, the outside PCASP concentration increases relative to the incabin measurement.
Magnitude of interstitial aerosol
The number concentration of interstitial aerosol with D p >100 nm, N INT , can be obtained indirectly from a number balance between pre-cloud and in-cloud particles, based on the assumption that aerosol smaller than 100 nm are not activated. N INT obtained by number balance is illustrated for a single cloud data point by the blue arrow in Fig. 10 . The fraction of in-cloud particles that are interstitial, defined using average values in the expression (N INT /(N INT + CDNC)), is 0.27. As in Fig. 10 , CDNC incorporates a factor of 0.8, based on the assumption that actual CDNC are lower than reported (see Sect. 3.3). As can be seen from the red line representing a fit to the pre-cloud aerosol, most particles not activated are at higher aerosol concentration, where competition for water vapor is more likely.
N INT can also be directly measured, again using the criterion that D p >100 nm. This is illustrated in Fig. 10 for a single cloud data point by a green arrow which connects a pre-cloud aerosol concentration with the corresponding sum of cloud droplets plus measured interstitial aerosol. Based on the in-cloud aerosol measurements, the total number of in-cloud particles is, on average, a factor of 1.29 greater than the pre-cloud aerosol (i.e. (N INT + CDNC)/N PRE−CLOUD = 1.29). The N INT derived by direct measurement is greater than that inferred by particle balance, which by definition gives (N INT + CDNC)/N PRE−CLOUD = 1.0. Allowance for a 19 % contribution from shatter reduces the imbalance to a factor of 1.20. This factor represents a combination of measurement error and methodological bias including but not limited to an activation threshold different than 100 nm. The fraction of precloud aerosol not activated (N INT /N PRE−CLOUD ) has an average value of 0.48 based on measured values of N INT , which reduces to 0.39 after accounting for an average shatter fraction of 19 %.
Interstitial aerosol -CDNC anti-correlation
Interstitial aerosol were anti-correlated with CDNC in all 102 cloud transects. Similar observations have been made by others (e.g. Gultepe et al., 1996; Wang et al., 2009) . As a representative example we consider a case study cloud observed on Flight 081028a, centered at 75.2 • W (Fig. 2) . Figure 13a shows a 1 Hz time series of CDNC and N INT measured with the CAS and inside-cabin PCASP, respectively. There are multiple spikes lasting no more than 1s in which a decrease in CDNC is accompanied by an increase in N INT . There are also variations on time scales of tens of seconds or longer in which the relation between CDNC and N INT is less apparent.
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A plot of CDNC vs. N INT (Fig. 13b) shows an overall anti-correlation but with considerable scatter. The anticorrelation that is apparent in the high frequency spikes in Fig. 13a is partially obscured by changes in pre-cloud aerosol and/or cloud dynamics that are important over spatial scales of order 5 km and greater. In order to account for the nonuniformity of the cloud, we qualitatively separate low and high frequency components. A 400 s binomial filter, subjectively selected, has been applied, yielding low frequency components shown by red lines in Fig. 13a . High frequency components called anomalies to avoid confusion with 10 Hz data presented later on are defined as the difference between a 1 Hz signal and the corresponding low frequency filtered component. A graph of high frequency anomalies in Fig. 13c has reduced scatter.
Low frequency changes in aerosol and cloud droplets contribute to scatter in Fig. 13b . Cloud regions which have different aerosol inputs or different dynamics can have CDNC vs. aerosol plots that are shifted relative to each other. In Fig. 13d , the original 1s data has been subject to a 10 s running box car average, which is a visual aid to picking out contiguous points. Lines are drawn between consecutive data points and color coded to correspond to the time sequence in Fig. 13a . One can pick out 4 or 5 strands that represent contiguous cloud portions up to 10 km in length that individually show an anti-correlation between CDNC and N INT . Among the 102 clouds transects, this type of structure is common. At a still larger spatial scale approaching the length of the transect, CDNC and N INT are correlated (Fig. 13e) . Depending on mesoscale structure, the low frequency changes in CDNC and N INT can be correlated, anti-correlated, or scattered.
Higher frequency measurements are useful in interpreting the presence of interstitial aerosol. Increasing the time response of cloud droplet measurements to 10 Hz as in Fig. 14, shows that the cloud contains regions in which CDNC decreases to near zero accompanied by large decreases in LWC but relatively small changes in volume mean radius. It is expected that the interstitial aerosol shows similar high frequency structure but this is not observable with our sampling line.
A regression between the high frequency anomalies of CDNC and accumulation mode aerosols has a slope of −2.0 for the case study cloud in Fig. 13 , approximately equal to the median slope of −2.1 found for the entire data set of 102 clouds. Several factors contribute to the slope being steeper than minus 1, the value that would be obtained if removal of a single cloud droplet resulted in the appearance of an interstitial aerosol particle detected by the PCASP. First is the possibility of an overestimate in CDNC as suspected from the intercomparison data in Table 2 . If actual CDNC are 80 % of measured, correcting the CDNC changes the slope by a factor of 0.8 (i.e. from −2 to −1.6). Second, cloud droplets could be formed from aerosol particles smaller than the 110 nm lower limit of detection of the PCASP. Sub-cloud aerosol size distributions have a Hoppel minimum at ∼75 nm, indicating that sometime in the air mass history, particles of that size were activated (Cantrell et al., 1999) . Third, is a degraded time response due to mixing in the inlet manifold leading to the inside-cabin PCASP. This effect has been simulated by constructing a PCASP signal which is the negative of CDNC, then subjecting it to 3 point binomial smoothing to simulate mixing. The resulting regression slope between the high frequency components of CDNC and the synthetic PCASP signal was -1.49, instead of -1 before smoothing. Results depend on the degree of smoothing and our choice is meant to be only illustrative. Supporting evidence for the importance of time response comes from the PCASP mounted on the aircraft nose which yields a median slope of −1.35.
The case study cloud shown in Figs. 13 and 14 is representative in many ways, but as a single cloud is not meant to illustrate features resulting from the natural range in adiabaticity, position relative to cloud top and bottom, aerosol concentration, LWC, drizzle, and mesoscale structure seen during VOCALS.
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First indirect effect
Cloud reflectivity (albedo) is dependent on many processes, the relation between cloud droplets and aerosol (Fig. 10) being only one component. More important to reflectivity is cloud liquid water path or, given a fixed cloud depth, liquid water content (Schwartz and Slingo, 1996; . Measurements during VOCALS along 20 • S from ∼72 to 86 • W indicate that the westward decrease in aerosol concentration is accompanied by an increase in cloud depth and liquid water path Bretherton et al., 2010) so that changes in reflectivity seen from satellites have to be apportioned between dynamical effects and aerosol perturbations, with the possibility that the two effects are coupled (Stevens and Feingold, 2009 ). The first indirect effect, which corresponds to the change in cloud reflectivity caused by an aerosol perturbation, can be masked by other aspects of cloud physics. An example of dynamical and aerosol effects operating in different directions is provided by our case study cloud. In that case interstitial aerosol decreases with westward distance in agreement with trends observed for below-cloud aerosol (Figs. 3 and 4a) . By itself the decrease in aerosol is expected to lead to fewer but larger cloud droplets and a less reflective cloud towards the west. However, Fig. 14b and c, show an abrupt increase in cloud liquid water content and droplet size that presumably has a dynamic origin, positioned such that a decrease in cloud albedo caused by fewer aerosol particles is opposed by an increase in cloud albedo (dependent on cloud depth variations) caused by increased liquid water.
Interstitial aerosol
In an adiabatic cloud, a high activation fraction should follow from the combination of chemical composition, size distribution, and vertical velocity, w, observed during the VOCALS campaign. This is supported by results from an adiabatic parcel model (Robinson, 1984) , initialized with the MBL average aerosol size distributions observed at 71-72 and 76-77 longitude, corresponding to relatively high and low concentrations, respectively. It was assumed that aerosol had the properties of (NH 4 ) 2 SO 4 , which in terms of hygroscopicity is a close approximation to the actual composition. Bretherton et al. (2010) report standard deviations of w centered on 0.4 m s −1 for near shore cloud measurements from the C130. At a vertical velocity of 0.4 m s −1 the critical diameter for activation is calculated to be 110 and 85 nm for the high and low concentration aerosol environments, respectively.
Air parcel calculations should take into account the range in w (i.e., the pdf as used by e.g. Snider et al., 2003) which brings in values lower (and higher) than the median, opening the way for some large particles to remain unactivated. However as pointed out by particles respond to the supersaturation existing along their trajectories and a very low vertical velocity at cloud base may not be persistent. Also, no account is taken of entrainment.
A common feature of most cloud transects is that N INT rarely approaches zero even in regions with high CDNC or high LWC, i.e., regions most likely to have a high updraft velocity and/or be close to adiabatic. At the highest aerosol concentrations this might be due to competition for liquid water during ascent. However, this phenomena also occurs at low aerosol concentration, as in the case illustrated in Fig. 13 . Whereas rapid increases in N INT that coincide with a decrease in CDNC (Fig. 13a-d) have a physical explanation, the "background" N INT does not have a clear interpretation and may be associated with droplet scatter and/or droplet evaporation. This "background" presumably contributes to the excess of in-cloud particles compared with pre-cloud air (Fig. 10) .
Regarding the high frequency component of N INT , it has a plausible magnitude after due consideration is given to the inside-cabin PCASP response time. It also has a plausible mechanism as cloud top entrainment of dry air evaporates cloud droplets leaving behind interstitial aerosol particles. The anti-correlation could also be explained in terms of regions with weak updrafts. Depending on the horizontal dimensions of the entrained air or weak updraft, the time sequence of anti-correlated CDNC and N INT (Fig. 13a) will be more or less spiky as observed from a moving platform. We have shown 1 Hz and 10 Hz data but it is known that clouds are inhomogeneous on smaller scales .
Conclusions
During the VOCALS-REx field campaign, the DOE G-1 covered a longitude range between Arica on the coast of Chile (70.3 • W) and 78 • W, an 800 km distance over which MODIS retrievals show a strong gradient in CDNC and effective radius. Aerosol number and volume concentration in the MBL decreased with off-shore distance with most of the decrease occurring between the coast and 75 • W. This pattern is consistent with the trajectory analysis of and Bretherton et al. (2010) that indicate a source region to the south along the Chilean coast, whose impact is felt most often east of 75 • W and with decreasing frequency further west. MBL concentrations of O 3 increase with distance from the coast while CO concentrations decrease indicating a nearby continental source for the latter.
Aerosol in the MBL is acidic sulfate with a 10-15 % admixture of organics consistent with emissions dominated by SO 2 point sources . MBL aerosol have an Aitken and accumulation mode with geometric mean diameters of 45-60 nm and 160-185 nm, respectively, separated by a Hoppel minimum. In the FT, number size distributions are unimodal and broad, centered at 90 nm.
In each of three altitude ranges, collectively spanning the FT from 1200 to 3000 m, dew point varied by more than 40 • C, showing that within a narrow altitude span, air masses with very different histories were sampled. The requirement that an ascending air mass has a relative humidity less than 100 %, combined with a strong dependence of temperature on altitude implies that the lowest dew point air observed (−40 • C) originated above 8 km altitude (assuming a surface temperature of 15 • C and a lapse rate of 6.5 • C Km −1 , for purpose of illustration). Conversely, moist air implies a low altitude source.
Frequency distributions of CO, O 3 , aerosol number, and aerosol volume are provided as functions of altitude and dew point. Using dew point in place of altitude has the advantage of separating air masses according to history and highlights the different behavior of soluble and insoluble pollutants (Kleinman and Daum, 1991) . Dew point more clearly picks up trends in O 3 because O 3 has a source in the dry upper atmosphere and a MBL sink. There is a pronounced decrease in aerosol volume with dew point as low dew point air masses have been subject to cloud processes that have removed all but a few percent of their total water. Removed along with water are soluble substances such as accumulation mode particles that are CCN. The decrease with dew point of aerosol number concentration is less extreme because of the dominance of smaller less easily activated particles in the FT. The FT population of aerosol, however, does contain some accumulation mode size particles (D p >100 nm) which will subside into the MBL, much the same as O 3 , thereby providing a source of CCN to replace that lost by drizzle (Clarke et al., 1996 (Clarke et al., , 1997 . Relative solubility may play a role in the 5 fold increase in the organic aerosol to sulfate ratio with decreasing dew point. It is also possible that the high ratio at low T d reflects emission rates in areas not impacted by SO 2 sources. Even with an elevated organic to sulfate ratio in dry air, the organic aerosol to CO ratio is an order of magnitude lower than observed in day old plumes in the boundary layer in other field studies.
Comparison was made between (a) pre-cloud aerosol and cloud droplets and (b) between pre-cloud air and the sum of interstitial aerosol and cloud droplets. According to comparisons "a" and "b" the fraction of pre-cloud aerosol that is interstitial is 27 % and 48 %, respectively. In comparison "b" there is a 29 % over-prediction of total particles in-cloud, assuming a 100 nm critical diameter for activation. Droplet shatter and evaporation of cloud droplets during in-cloud aerosol sampling are discussed as possible artifacts. Pursuant to methodological assumptions, droplet shatter contributes close to 20 % of interstitial aerosol larger than 100 nm, and a rapidly decreasing fraction at larger diameter. Adiabatic parcel model calculations based on measured aerosol composition, concentration, size distribution, and a 0.4 m s −1 vertical velocity yield a critical diameter for activation between 85 and 110 nm, for clean and polluted conditions. While this support the use of 100 nm as a lower bound to aerosol diameter in comparisons "a" and "b", it yields fewer interstitial aerosol than observed.
One hundred and two constant altitude cloud transects were identified and used to examine relations between CDNC and the number concentration of interstitial aerosol (N INT ) as measured by a heated PCASP inside the aircraft cabin. In each transect CDNC and N INT are anti-correlated, suggesting that a decrease in cloud droplets by e.g. evaporation leads to the appearance of interstitial aerosol. One cloud sampled over a 35 km transect was selected for a case study. Within this cloud there were 4 or 5 regions with distinctly different relations between CDNC and N INT contributing to scatter over the 35 km cloud. Much of the scatter could be removed by applying a high pass filter and examining anomalies determined as the total signal less the low frequency variation. The in-cloud aerosol concentration contains high frequency components that are a possible source of information on particle activation and/or evaporation sitting on top of a low frequency background, the later partly due to scatter and partly of unknown origin, that we tentatively associate with an over prediction of interstitial aerosol.
